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Abstract. Coupled generalcirculation modelsare be-
coming more sophisticated,particularly with respect to
the sea-icecomponent and the increasinguseof freesur-
faceformulations in the ocean. It is therefore timely to
revisit the boundary conditions at the ice-ocean inter-
face to ensurethat a) massand energy are conserved,
b) the physics represented is as realistic as possible
and c) numerical instabilities are avoided. We present
here recent results and practice from the GISS, NCAR
CCSM2.0and MPI Hamburg coupledmodels. New for-
mulations of the basal and lateral ice °uxes, coupling
strategiesfor the ice dynamics component, and interac-
tions with dynamic free surfacesare presented.

1. In tro duction

There are a huge variety of physical environments that
must be simulated in any comprehensive earth system model
incorporating ocean, atmosphere, sea ice and land surface
components. This implies that the models must work un-
der a very wide range of conditions that sometimes are not
central to the development of any single component model
(such as the land surfaceor ocean). An extra burden for de-
velopers of coupled models occurs at the interfaces of di®er-
ent components (and scienti¯c disciplines). Clearly de¯ning
what happens at these interfaces is also of paramount im-
portance for improving interoperabilit y or modularit y of cli-
mate system components from di®erent groups (a central fo-
cus in the ongoing PRogramme for Integrated earth System
Modelling (PRISM) and Earth SystemModeling Framework
(ESMF) projects).

This paper will addressdevelopments in coupling at ice-
ocean interface. Sea ice has historically been quite poorly
represented in fully coupled models (relativ e to the sophisti-
cation of stand alone ice, or ice-oceanmodels) [Randall et al.,
1998]. However, a greater appreciation for the role of sea
ice processesin climate has led to signi¯can t improvements
over recent years [Fichefet and Morales Maqueda, 1997;Bitz
et al., 2001, amongst others]. Additionally , development in
ocean models has led to a widespread adoption of free sur-
face formulations (as opposed to rigid lid approximations)
and the consequent use of so-called 'natural' boundary con-
ditions [Gri±es et al., 2000]. The combination of these two

advanceshas consequencesfor the coupling of the two com-
ponents. For example, in going from a zero layer ice model
[Semtner, 1976] to a multi-la yer ice model with non-zero
heat capacity, the conservation of energy at the interface
becomesconsiderably more complex [Hol land and Jenkins,
1999; Bitz and Lipscomb, 1999; Winton , 2000].

In order to satisfy demandsfor physically realistic bound-
ary conditions and the need for improved interoperabilit y of
ocean and ice components, boundary conditions and °uxes
should conform to two principles: i) absolute conservation
of mass, salt and energy, and ii) as far as possible, no as-
sumptions within the ocean or ice component can be made
about the capabilities/appro ximations of the other compo-
nent. While the most important °uxes are of fresh water,
salt and energy, we also consider the boundary conditions
governing other passive tracers (e.g. particles, dissolved sub-
stances, water isotopes, 'age', 'colour' etc.) since these are
increasingly being incorporated into earth system models.

Whenever there is a transfer of massfrom one component
to another, the energy that is transferred dependson the en-
ergy reference level (ERL) (i.e. the temperature/phase at
which the energy is de¯ned to be zero). It is absolutely
fundamental that each component knows what the relevant
ERL is for any heat °ux, and therefore it is convenient to
use the same ERL for all components of the model. In ac-
cord with common practice, for pure water we will use an
ERL of liquid at 0±C. For mass transfers at the ice-ocean
interface involving salt, we usea similar ERL (i.e. energy is
zero for the liquid + solute at 0±C) for mixtures of salt and
water.

Given an ERL, we de¯ne the energy of ice E i to be mi-
nus the energy required to bring the ice to the ERL (i.e. to
melt it completely and warm to 0±C). Depending on the as-
sumptions made in the seaice model, the formulation of this
energy will di®er. We will consider three possible cases:1)
pure ice (hereafter abbreviated asPI),2) Saline ice (but only
with regard to the massbudget) (IS), and 3) saline ice with
regard to both mass and energy budgets (i.e. with brine
pockets) (BP). In the latter case,brine pockets are explic-
itly parameterized to account for internal melting/freezing
at the brine pocket-ice interface using and energy conserv-
ing formulation (following Bitz and Lipscomb [1999]). Other
formulations that attempt to include thermodynamic salin-
it y e®ectswithout properly considering the expansion and
contraction of brine pockets can lead to non-energy conserv-
ing schemes(for instance, Maykut and Untersteiner [1971]),
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and we do not recommended their use in coupled models.
For reference, the MPI model usesa zero-layer formulation
[Semtner, 1976],GISS modelE usesthe IS formulation, while
the latest NCAR CCSM2.0 usesthe BP formulation.

We de¯ne the energy per unit mass, rather than volume,
since mass is the more fundamental quantit y. For pure ice
(PI), the energy of seaice (J/kg) is

E i = ¡ L 0 + Ti ci (1)

where L 0 = 3:34 £ 105 J/kg is the latent heat of melting at
0±C, Ti is the temperature of the ice (in ±C) and ci = 2060
J/kg/ ±C is the speci¯c heat of pure ice. For the IS case,

E i = ¡ L 0(1 ¡ 0:001Si ) + Ti ci (2)

where Si is the sea ice salinit y (psu). Finally , for the BP
case,we assumethat i) the freezing point of seawater1 is a
linear function of salinit y Tf = ¡ ¹S , where ¹ = 0:054± /psu,
ii) the speci¯c heat of the brine cw is constant, and iii) the
brine is at the freezing point for it's salinit y. In that case,
the brine fraction is ® = ¡ ¹S i =Ti and the energy is

E i = ¡ L 0(1 ¡ ®) + ci (1 ¡ ®)Ti + cw ®Ti

= ¡ L 0(1 + ¹S i =Ti ) + ci (Ti + ¹S i ) ¡ cw ¹S i (3)

The ¯rst term is the latent heat of the ice fraction. The
secondand third terms are the enthalp y of the ice and brine
respectively.

Becausethe freezing temperature of seawater dependson
salinit y, seaice and seawater can co-exist and phasechanges
can occur over a range of temperatures. Given that the en-
ergy of sea ice de¯ned above depends on temperature and
sea ice salinit y, the amount of energy required to change
phase will vary. A phase change may occur in combination
with a temperature change,and sowe must account for both
latent and sensibleheat in cooling seawater to freezing and
freezing it, or in warming seaice to melting and then melt-
ing it. In general, a processthat converts water at Tw and
Sw to ice at Ti and Si (or vice versa) releasesenergy equal
to Eo(Tw ; Sw ) ¡ E i (Ti ; Si ) (J/kg) where Eo is the energy of
the seawater.

For our purp oses, we assume that the speci¯c heat of
seawater is constant over the small range of temperatures
and salinities relevant for ice-ocean interfaces, and hence
Eo(Tw ) = Tw cw . If the energy of the ocean component is
de¯ned using a variable speci¯c heat (for instance if po-
tential enthalp y is used as the prognostic variable, rather
than potential temperature), the formula is slightly altered.
There is a minor inconsistency when adding brine from the
ice to the ocean in such casessince in order to conserve en-
ergy, the e®ective temperature for the brine \in the ice",
will di®er from the temperature of the brine \as seawater"
by the ratio of the constant speci¯c heat used in the seaice
model to the actual speci¯c heat, but this is a very small
percentage error.

Clearly, if Tw = Ti , the energy released is an e®ective
latent heat (the energy required to change phase at con-
stant temperature), which in general will di®er from the
latent heat of pure ice at 0±C (L 0). Even for pure ice, the
e®ective latent heat of melting must depend on the di®er-
enceof the speci¯c heats of the liquid and solid phasese.g.
L 0 + T(cw ¡ ci ), as can be seen from considering how to
conserve energy in a melt/co ol/freeze/w arm cycle. Only if
both speci¯c heats are neglected (as they are for instance

for water vapour and liquid in some atmospheric models)
will the temperature dependent term be zero. It is therefore
necessaryfor the ocean to know the appropriate de¯nition
of the ice energy so that energy changesdue to ice formation
within the ocean can be consistently made in each compo-
nent (this is discussedin more detail in section 4).

The boundary conditions wederivewill beappropriate for
the most realistic cases(full exchangeof freshwater, salt and
energy between the ice and ocean, a salinit y budget for the
seaice etc.), but we note where the e®ectof commonly-used
simpli¯cations would make a di®erence.We split discussion
into ¯v e main sectionsdealing with the °uxes at the baseof
the ice, lateral °uxes at the seaice edge,frazil ice formation
in the body of the ocean,boundary conditions and problems
relating to the ice dynamics and the ocean free surface, and
issuesrelated to snow-ice formation.

2. Basal ice-o cean °uxes

Observations of basal sea ice conditions reveal a highly
complex topography of ridges and keels with complex tur-
bulent motions at all scales. However it appears that the
°uxes betweenthe ice and oceanmixed layer are principally
governed by the very thin viscous boundary layer immedi-
ately next to the ice [Mellor et al., 1986; McPhee et al.,
1987]. Gradients of temperature and salinit y are greatest
across this interface, and we therefore assume that away
from this interface, the ocean conditions can be considered
well mixed (as represented by the mixed layer values). The
boundary conditions then need to relate the °uxes to the
basal ice conditions and ocean mixed layer.

One consequenceof this physical environment is that ice
often persists in water that is measurably warmer than its
freezing point, as is frequently observed in around Antarc-
tica. Previous formulations basedon the 'ice-bath' assump-
tion required any excessenergy in the ocean mixed layer
to be used to melt ice, leading to enhanced melting in
the spring/summer, and early freeze-up in the fall/autumn
[Fichefet et al., 1998; Hol land and Jenkins, 1999].

Many formulations have also assumedthat the ocean is
able to specify the temperature at the ice-ocean interface.
However, in general, this will be a function of the melt/ice
formation rate and is not a priori determinable. We there-
fore subsumethe calculation of the boundary properties into
the boundary conditions themselves(following McPhee et al.
[1987]; Hol land and Jenkins [1999]). The 'ice-bath' formu-
lation can however be consideredas a limiting case(at high
ocean turbulence).

The conditions at the boundary are a function of the dif-
fusive (heat) °ux into the ice, the turbulen t °uxes from the
ocean mixed layer, and the melt or ice formation rate. All
of these °uxes are a function of the boundary values of tem-
perature and salinit y (Tb; Sb). Contin uit y at the interface
implies that Tb is at the freezing point for water with the
boundary salinit y, Sb. Given the extremely small heat ca-
pacity and massof this boundary layer, it is convenient to as-
sumethat they are actually zero, and then set the boundary
valuesusing a '°ux-in equals°ux-out' approximation. As an
aside, we note that a similar assumption at the atmosphere-
ice boundary can be complicated since many atmospheric
models make the same assumption for calculating the sur-
face air temperature. We neglect the impact of solar radi-
ation in the viscous sub-layer, although it is an important
energy °ux into the mixed layer.
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The upward di®usive heat °ux ¡ ¸ (Ti ; Si )dTi =dz is eval-
uated at the base of the ice. The di®usion parameter
¸ can be a function of temperature and salinit y (inde-
pendent of other thermodynamic considerations involving
salt) and the ice temperature gradient can be estimated as
dTi =dz = (Ti ¡ Tb)=¢ h, where ¢ h is the thickness of ice
from the base to where the lowest ice temperature above
the base is de¯ned. This term is best determined implicitly
to avoid time stepping constraints when the ice is thin.

The turbulen t °uxes from the oceanmixed layer are gov-
erned by a complicated set of equations [McPhee et al.,
1987] depending on the input of turbulen t kinetic energy,
the stabilit y and the di®ering molecular viscosities for salt
and heat. Each °ux can be written as ½w ° (X b ¡ X m ), where
° is the relevant turbulen t exchange velocity (m/s), ½w the
ocean density, and X b; X m any particular tracer (temp er-
ature, salinit y or concentration). Following Hol land and
Jenkins [1999], the heat °ux can be estimated using a 2 or
3 equation approach depending on assumptions about the
boundary salinit y. Setting the boundary salinit y equal to
the mixed layer value is equivalent to assumingthat the tur-
bulent exchange coe±cient for salinit y is signi¯can tly larger
than that for heat. However, theoretical considerations and
observations imply that the opposite is actually true. There-
fore we will only consider the 3-equation formulation where
the boundary salinit y is determined as a function of melt
rate and ocean turbulen t °ux.

The equations that must be satis¯ed at the interface are

Tb = ¡ ¹S b (4)

¡ ¸
(Ti ¡ Tb)

¢ h
+ ½w cw ° T (Tb ¡ Tm ) =

¡ m(Eo(Tb; Sb) ¡ E i (Tib ; Sib )) (5)

½w ° S (Sb ¡ Sm ) = ¡ m(Sb ¡ Sib ) (6)

where subscripts m, b, i and ib denote the oceanmixed layer,
the boundary values, the ice values and the value for the
massbeing transferred, respectively. The properties Tib ; Sib

of any melt or new ice, will depend on the sign of the melt
rate m (kg/m 2 /s) (negative values denote ice formation),

Sib = Si ; Tib = Ti m > 0; or

Sib = f S Sb; Tib = Tb m < 0 (7)

where f S is the fraction of the boundary salinit y that is ini-
tially retained within the ice. In realit y f S can be relativ ely
large (up to 0.35 or so, corresponding to a salinit y of 13
psu for ice derived from 35 psu seawater). Brine drainage
reduces the ice salinit y over time, but if this processis not
considered within the ice model a ¯xed value of 0.14 (giv-
ing an initial sea ice salinit y of 5 psu) is appropriate. We
do not consider brine drainage as a direct input into the
boundary equations, although that might be considered in
future extensions. Equations (4-7) di®er from those used
in Hol land and Jenkins [1999] since they incorporate the
temperature and salinit y dependenceof the latent heat and
an upstream scheme for the salt and heat content of the
mass°ux. Note that these conditions are perfectly conserv-
ing and include the 'melt water advection' terms that have
sometimesbeen neglected [Jenkins et al., 2001]. The actual
(downward) °uxes betweenthe ice and oceancomponents of
heat (QH , W/m 2) and salt (QS , kg/m 2 /s) are then de¯ned
as

QH = ¸ (Ti ¡ Tb)=¢ h + mE i (Tib ; Sib ) or,

= ½w cw ° T (Tb ¡ Tm ) + mE o(Tb; Sb)

QS = 0:001mSib :

The 0.001 factor in QS simply converts psu to kg/kg.
The tracer equations are assumedto be analogousto the

salinit y (i.e. we use ° S for the tracer exchange velocity),
and must satisfy:

½w ° S (X b ¡ X m ) = ¡ m(X b ¡ X ib )

with

X ib = X i ; m > 0; or X ib = f X X b; m < 0

where f X is ratio of the amount in new ice to the boundary
tracer amount. This could be a®ectedby solute rejection,
or fractionation of isotopes for instance. The net downward
°ux is QX = mX ib .

It remains to determine the turbulen t exchange coe±-
cients ° T ; ° S . As the ice-ocean stress increases,so will the
turbulen t mixing, leading to a greater °ux towards the ice
and diminishing the gradients across the boundary layer,
and so a dependenceon u¤ =

p
(j¿j=½w ) (m/s), the friction

speedderived from the ice-ocean stress, is clearly indicated.
This can be a simple linear function, or a more complicated
expressionthat depends on the stabilit y at the interface.

The simplest expression has ° T = 9 £ 10¡ 3u¤ and ° S =
0:025° T (M. McPhee, pers. communication). A more in-
volved calculation [McPhee et al., 1987; Hol land and Jenk-
ins , 1999] has ° = u¤=(¡ tur b + ¡ mole ), where ¡ tur b is the
same for all °uxes, but ¡ mole depends on the molecular
viscosity for that tracer, i.e. ¡ mole = 12:5(P r; Sc)2=3 ¡ 6:
where Pr; Sc are the Prantdl or Schmidt (no relation) num-
bers. For heat P r = 13:8 and ¡ T mole = 65:9, and for salt
Sc = 2432 and ¡ S mole = 2255.

The turbulen t component can be written

¡ tur b = (1=· )(log (u¤ 2³ ´ 2=5f º ) ¡ 1) + 1=(2³ ´ )

where · = 0:4 is the Von Karman constant, ³ = 0:052 an
empirical constant, º = 1:95 £ 10¡ 6 m2 /s is the kinematic
viscosity, f the Coriolis parameter and ´ is the stabilit y pa-
rameter. ´ can be expressedin terms of the buoyancy °ux,
but for simplicit y we will assumethat ´ = 1, simplifying the
above expressionto leave

¡ tur b = 2:5 log(5300u¤ 2=f ) + 7:12

Putting it together gives, for typical values of u¤ = 0:01
m/s, ° T = 1:2 £ 10¡ 4 ; ° S = 4:4 £ 10¡ 6 . For situations such
as for lakes with complete ice cover and where there is no
tidal or convective mixing, small values of ° T = 1 £ 10¡ 7

and ° S = 3 £ 10¡ 9 m/s (for tracers) are reasonable[Liston
and Hal l , 1995].

In general, equations (4-7) cannot be solved directly ,
and so we use the Newton/Raphson method to converge
quadratically (within 5 iterations) to a solution. We de¯ne
a function f (S) = S¡ Sb(S), which is the di®erencebetween
an initial guessof the boundary salinit y, and the value that
arises from solving equations (4-7). Speci¯cally , we assume
an initial value of Sb0 , determine Tb from (4), determine the
sign of m from (5), the properties of the melt or new ice
from (6), the value of m from (5) and then determine a new
value of Sb from (6). This de¯nes the function f , whose
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derivativ e with respect to Sb0 is also easily calculated. New-
ton's method is then used to re¯ne the estimate of Sb and
the iteration contin ues.

With no salinit y e®ectsin either the boundary tempera-
tures or sea ice (i.e. Sb = Si = Sib = 0), the equations can
be solved directly , although an iteration is still necessary
for the caseof complete brine rejection over a salty ocean
(Sb 6= 0; Si = Sib = 0). In the limit of strong ocean turbu-
lence (° T ; ° S ! inf ), the boundary values are identical to
the mixed layer values, and the ocean mixed layer must be
at the local freezing point. Equations 4,5 and 7 can then
be solved directly . If the boundary salinit y is assumed to
be that of the mixed layer, Sb ´ Sm , and Eq. 6 is ignored,
° T should be smaller (¼ 6 £ 10¡ 3) to account for the slight
di®erence in the boundary temperature. Currently , only
GISS uses the full 3-equation form, while CCSM assumes
Sb ´ Sm , and MPI assumes° T ; ° S ! inf .

Interior and surfacemelt alsoneedsto be consideredcare-
fully . Pure ice melts at 0±C and by de¯nition, its runo® has
zero energy. However, for the BP casemelting can occur be-
low 0±C and therefore the energyof the melt will be negative
and needsto be added to the ocean.

3. Lateral °uxes

Open water production by lateral melt on the kilometer
scaleis signi¯can t primarily in the marginal ice zone, where
ice can be advected into warm ocean water and vice versa.
Sea ice models often purp osefully overestimate lateral melt
to compensatefor their failure to resolve ¯rst year ice, which
would melt away owing to top and bottom ablation during
the melt season.Common strategies have been to either as-
sign a fraction of the basal heat °ux to the lateral °ux or
to assumea linear thicknessdistribution and reduce the ice
area accordingly when there is melt at the top or bottom
surfaces(as in the MPI model, and previous versions of the
GISS model). A subgrid-scale parameterization of the ice-
thicknessdistribution resolves thin ice explicitly and elimi-
nates the need for ascribing an unrealistically high fraction
of the ocean-ice heat °ux toward lateral melt. This o®ers
the opportunit y to use a more physically based parameter-
ization of the lateral heat °ux, as described here based on
the CCSM coding.

The lateral heat °ux depends on the °o e geometry and
the interfacial receding rate:

Qlat = ¡ (E i m i + Esms )M a p

where E i and Es are the vertically averagedenergiesof the
sea ice and snow, m i and ms are the mass per unit are of
ice and snow, M a is the interfacial melting rate, and p is the
perimeter of the interface per unit area. We assumethat the
entire vertical column of ice and snow is in contact with the
ocean and that melting occurs at a uniform rate over the
lateral interface. A maximum amount of melting is given
by the available heat for melting in the ocean mixed layer.
The perimeter of the lead-ice interface p, depends on the
°o e distribution and geometry, however this is both poorly
observed and di±cult to resolve in models. Observational
estimates of the °o e-size distribution span many orders of
magnitude [e.g. Holt and Martin , 2001], but Steele [1992]
argued that lateral melt is only signi¯can t when °o es are
fairly small, or p ¼ 10¡ 3 m¡ 1 . CCSM and GISS usea value
p = 4:8 £ 10¡ 3 m¡ 1 .

The interfacial melting rate is based on an empirical ex-
pression from ablation data taken during the Marginal Ice

Zone Experiment by Maykut and Perovitch [1987]. They
found M a = m1(Tl ¡ Ti )m 2 , where m1 = 3 £ 10¡ 6

m s¡ 1 (±C) ¡ m 2 and m2 = 1:36 are best ¯t estimates, Tl

is the lead temperature, and Ti is the temperature at the
lateral interface. Ideally Ti should be computed from a pro-
cedure similar to the basal °ux calculation. However, due
to uncertainty in the other parameters, particularly the ice
perimeter and lead temperature, the complexity is unwar-
ranted and we let Ti = ¡ ¹S m , the freezing temperature of
the ocean surface. However, the speci¯cation of the lead
temperature is lik ely to be more important.

Observations from SHEBA demonstrated that during the
melt season,very strong strati¯cation can build up in leads
in calm conditions. Temperatures in the leads can exceed
the local freezing point by up to a couple of degrees,obvi-
ously a®ecting the lateral melt rate. At present, none of the
ocean models considered here incorporate a separate calcu-
lation of the open-water sea surface temperature although
research is underway to allow for that (Marik a Holland, pers.
communication). Therefore for simplicit y, the lead temper-
ature is usually taken as the uppermost layer temperature.

4. Frazil ice formation

As a matter of principle, the ice formation rate in the
open ocean cannot be speci¯ed by consideration of the sur-
face conditions only. For instance, in caseswhere the mixed
layer extends more than one grid box down, freezing may
occur at lower boxes, and the resulting sea ice may have
di®erent properties, due to the pressure dependenceof the
freezing temperature, and possibly di®erent salinities. In
addition, any inclusion of glacial or iceberg melting may
produce super-cooled water at depths of a few hundred me-
ters which can subsequently freeze (producing 'marine' ice
[Grosfeld et al., 1998]).

Thus, if the frazil ice formation is calculated within the
sea ice component (or special °ux module) possibly the
whole column hydrography needs to be passed from the
ocean model. Alternativ ely, the ocean model can compute
frazil ice formation, but it needsto know the seaice energy
de¯nition. This leads to problems for the second princi-
ple outlined in the intro duction, that separate model com-
ponents should not assumeanything about the others. In
practice, this complexity has been dealt with either by as-
suming that only surface conditions are important (MPI),
or by ensuring that the sea ice energy de¯nitions are con-
sistent across models (CCSM, GISS) (for example, CCSM
assumesthat all ice forms at -1.8±C, with a salinit y of 5 psu,
and hence E i is predetermined). We therefore recommend
that if all possible modes of ice formation are to be allowed
for, the ocean model must use generalisedcode that calls a
utilit y function from the ice model for the energy of seaice.

For any grid box within the ocean, the amount of ice for-
mation will be calculated based on the energy de¯cit ¢ E
(J/kg) of the box compared to a box at the local freezing
point (E f = Eo(Tf (S; P ); S) a function of salinit y and gauge
pressure)¢ E = Eo ¡ E f . Assuming that total massand en-
ergy are conserved when an amount of ice is formed leads
to

EoM = E f (M ¡ ¢ M ) + E i (Tf ; Si )¢ M

where ¢ M (kg/m 2) is the ice mass of salinit y Si formed
from the original M (kg/m 2) mass of the ocean box, and
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E i (T; S) is de¯ned by the ice model following the formula-
tions discussedin the intro duction. Rearranging we get

¢ M =M = ¡ ¢ E =(E f ¡ E i (Tf ; Si )) (8)

where ¢ M =M is the massfraction of the box that is frozen.
The denominator is exactly the e®ective latent heat at the
freezing point of the oceande¯ned in the intro duction. Sub-
stituting in and assuminga constant speci¯c heat (although
that is not strictly required) we get

¢ M =M = ¢ E =(¡ L 0 + Tf (ci ¡ cw )) (P I )

¢ M =M = ¢ E =(¡ L 0(1 ¡ 0:001Si ) + Tf (ci ¡ cw )) (I S)

¢ M =M = ¢ E =(¡ L 0(1 + ¹S i =Tf ) + (Tf + ¹S i )( ci ¡ cw ))
(B P)

for the three di®erent casesrespectively.
As noted above, there may be a small inconsistency in

assuming that the speci¯c heat of seawater is a function of
temperature and salinit y, while the speci¯c heat of brine is
constant. As long as the calculations clearly separatethe ice
energy calculation from the ocean energy as in Eq. 8, there
is no problem. Incorporating the variation of speci¯c heat
within the ice model could be done, but it is a relativ ely
small term.

5. Ocean-Ice dynamic in teractions

The full interaction of the sea ice with ocean dynamics
(and vice versa), implies that the oceanmodel 'feels' the ice
pressure and stress and that the ice 'feels' the sea surface
height and ocean currents. This has only rarely been con-
sidered in the context of fully coupled models due to the
frequent assumption of an ocean rigid lid. However, with
the increasing use of free surface formulations there are a
number of problems that emerge.

Firstly , the dynamical boundary conditions for the ocean
require, in principle, that the pressureat the surface of the
ocean is known. This pressureconsistsof the anomalous at-
mospheric pressure, and also the integrated pressure of the
seaice. This can lead to variations of the seasurface height
that are quite signi¯can t in sea ice regions. Consequently ,
it is important that the integrated column pressure in the
oceandoesnot changeasa function of seaice formation (i.e.
any masslost from the ocean due to ice formation must ap-
pear in the surfacepressurecondition). With a z-coordinate
model, the depth of of the ¯rst layer is often ¯xed (t ypically
at around 10m), however the variations in seasurfaceheight
associated with conceivable seaice variations is of the same
order of magnitude. Thus, there is potentially a (numerical)
problem of pushing down the sea surface height below the
level of the ¯rst grid box. In the GISS ocean model [Russell
et al., 1995, 2000], the z-coordinate is stretched so that the
depths of the grid box levels follow the surface height down.
This neatly avoids this potential problem, at the cost of only
minor extra complexity in the dynamics. (MPI?)

A secondproblem ariseswhen the seaice dynamics is fully
coupled to the ocean surface conditions (including the sea
surface height). The ice momentum equation includes forc-
ing from the atmosphere-iceand ocean-icestresses,and the
seasurfaceheight gradient. Note that the seasurfaceheight
is the height that would be observed in the ocean after any
displacement by ice. Since the diagnosedseasurface height
from ocean models does not generally include the displace-
ment term, the e®ective seasurface height needsto have an

extra term m i =½w where m i is the total massof seaice and
snow in the box (kg/m 2). The sea surface height ¯eld can
be highly variable due to the surface gravit y-wave ¯eld and
noise from the ocean dynamics, and this variabilit y has the
potential to produce an ocean-icedynamical instabilit y.

Instabilities have been observed in a number of coupled
models, that have included both free surface and fully cou-
pled ice dynamics (GISS, MPI and GFDL (Mik e Win ton,
pers. communication)). Grid-p oint noise in the ocean dy-
namics can give rise to an up-down-up pattern of seasurface
height variations. Without the e®ectsof sea ice, this mode
usually remains bounded. When seaice is present, this pat-
tern gives rise to a convergent-div ergent pattern in the ice
velocities that can reinforce the seasurfaceheight variations,
amplifying the pattern. The instabilit y occurs primarily be-
causeice and oceandynamics react separately to the pattern
in a 'constructiv e' way.

Two solutions have been found to remove this problem
while maintaining full coupling (the seasurface height forc-
ing could always be disabled otherwise). For the GISS
model, we found that smoothing the ocean height ¯eld in
time (i.e. only passing the average of the current and past
time step seasurface height) removed the problem entirely .
In the MPI model, sea level (in the ocean), ocean and ice
velocities (u i ) are calculated implicitly , whereas tracer and
ice advection is done with an explicit scheme. The sea ice
advection directly a®ectssea level due to the divergenceof
mass°uxes. Replacing the sealevel ´ (de¯ned in the ice free
parts of the box) in the implicit solution of the momentum
balance equation for ice by

´ + ±tr :(m i u i )=½w

solved the problem. Practically , it is important to use the
samediscretisation and advection schemefor the calculation
of the divergenceas for the later advection of seaice. NCAR
CCSM has not yet experienced such problems by assuming
no mass exchange between ice and ocean (see section 7.1),
and not allowing the seaice massto a®ectthe oceansurface
pressure.

6. Snow-ice formation

Heavy snow conditions (particularly in the southern
hemisphere) can push the snow-ice interface below sealevel,
causing seawater to °o od the snow. Observations show that
the °o oded layer freezesin time into a high salinit y layer.
Intro ducing a liquid layer in between the ice and snow is
quite complicated numerically and can be avoided, albeit
crudely, by assuming the °o oded seawater freezesinstantly .
The mass of seawater that °o ods and the amount of snow
that compressesto ice, are determined by the amount of la-
tent heat that can be absorbed by the snow, and the need
to restore the snow-ice interface to the ocean surface. Two
extreme casescan be easily examined; i) no seawater mass
is added, and snow is compressedto an amount of new ice
equal to the initial depression below the water line, and
ii) seawater °o ods a layer and freezesbut the total height
of snow and ice does not change. The ¯rst case is simple
and easy to implement (but is not very realistic), while the
second is closer to realit y, but requires that the snow be-
ing °o oded is cold enough to freeze that mass of seawater.
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Between the two extreme cases,smaller amounts of seawa-
ter °o oding can be acceptable, providing that more snow is
compressedto compensate. In case i) more snow is com-
pressedthan is necessaryto return the snow-ice interface to
sealevel in a given time-step, and over the courseof a year,
the amount of ice gained by snow-ice conversion is lessthan
it would be if seawater were allowed freeze.

Snow-ice formation occurs when

ms > m i
½w ¡ ½i

½i

where ms ; m i are the mass of snow and ice (kg/m 2), and
½i ; ½w are the ice and seawater density. The depth to
which the water line is above the snow-ice interface is
z0 = (m i + ms )=½w ¡ m i =½i . In casei) where no seawater
massis added, the massof snow that needto be compressed
to ice is z0½i , which implies a reduction in snow thicknessby
z0½i =½s where ½s is the snow density. CCSM usesthis pre-
scription, but since the snow is fresh an additional amount
of salt is added equal to 0:001Si z0½i where Si is the (prede-
termined) sea ice salinit y (5 psu). The energy of the newly
formed seaice layer is equal to that of the snow, which nec-
essarily makesthe temperature of the layer somewhat colder
than the snow it originated from if Si > 0. However, the
layer is usually very thin, so it has a negligible e®ecton the
seaice temperature pro¯le over time.

If an amount of seawater mw kg/m 2 , is allowed to freeze
depending on the capacity of the snow to absorb the la-
tent heat, the amount of snow that needsto be compressed
(¢ ms ) must satisfy

¢ ms = z0½i ¡ mw
½w ¡ ½i

½w
(9)

with z0 de¯ned asabove. The maximum amount of seawater
°o oding (corresponding to caseii) ) is

mw = z0½w
½i ¡ ½s

½w + ½s ¡ ½i
(10)

but the actual amount of freezing is limited by the energy
consideration, i.e.

mw < ¢ ms
Es ¡ E i (Tf (Sw ); Si )
E i (Tf (Sw ); Si ) ¡ Eo

(11)

where Es = ¡ L 0 + Tsci is the initial snow energy (at tem-
perature Ts ) and Eo is the initial enthalp y (J/kg) of the sea-
water. E i (Tf (Sw ); Si ) is the maximum energy in the newly
formed snow-ice (that froze at the freezing point of the sea-
water) and now has a salinit y of Si (either predetermined
or calculated as in Eq. 7). Combining Eqs. 10 and 11 then
determines the amount of seawater freezing possible. Gen-
erally, allowing seawater to freezein such casescan increase
the amount of snow-ice formation by up to a factor of 2.5.
Currently , neither the GISS nor MPI models include this
physics.

7. A simplifying assumption: No mass
exchange between ice and ocean

For a number of reasons(e.g. rigid lid in the ocean), it
may be convenient to disallow mass exchangesbetween the
ice and ocean models (although a salt °ux equivalent to the
freshwater °ux needs to be included to model brine rejec-
tion e®ects). However, the conservation of energy implies
that the energy °uxes that would be accompanied by such

mass°uxes need to be included regardlessof whether mass
is properly conserved. The terms involving the latent heat
are large and those involving the speci¯c heat portions are
lik ely to be small, but it is not onerous to include these as
well. CCSM makes this assumption, and since the mass of
melted ice is not °uxed, is also free to set the heat capac-
it y of the melt to zero. This is equivalent to dropping the
last term in Eq. 3 [Bitz and Lipscomb, 1999]. As discussed
above, disallowing massexchangesbetweenthe components
implies that the ice pressurecannot in°uence the oceanmo-
mentum, and thus the instabilit y in section 5 is avoided (at
the cost of non-conservation of freshwater and salt). Simi-
larly , the more realistic snow-ice formation calculation (Eqs.
9{11) cannot be properly done.

8. Summary and conclusions

We have presented a summary of current practices for
coupling ice and ocean models in way that we hope will be
useful for other modellers working with similar issues. We
re-iterate the importance of full energy, mass and salt con-
servation, and the modularisation of the energy functions in
such a way as to allow full interoperabilit y of ocean and ice
codes.

Two recommendations arise from the issues discussed
here. Firstly , all energy °uxes should be passed between
the models - even those related to mass°uxes that for other
reasonsmay be neglected in the massbudget. Secondly, for
the most general coupling of di®erent ice and oceanmodels,
the ice model must provide an energy function E i (Ti ; Si ) as
de¯ned above, and the ocean model must use this function
to determine the massof ice formation.

The basal °ux boundary condition that we present here
is a little more complicated than that used in most coupled
models, but it does include a much more realistic boundary
formulation, and is not di±cult to implement, regardlessof
the ice model used. A subroutine for this calculation is in-
cluded in the online supplementary material accompanying
this paper.

A related issue to those discussedhere is the de¯nition
of the buoyancy forcing B (m2 /s 3) at the ocean surface.
This is often an important term in calculations of upper
oceanmixing (for instance in the K-pro¯le parameterisation
[Largeet al., 1994]). When salt and freshwater °uxes are be-
ing added as well as heat, the expression for the buoyancy
forcing must be altered to take account of possibledilution.
The real buoyancy forcing can be speci¯ed independently of
what is actually added to the ocean as

B = ¡
g

½w
(

®
cw

QH ¡ ¯ QS ¡ (®T ¡ ¯ S)m)

where ®; ¯ are the thermal and saline expansion coe±cients
and m (kg/m 2 /s), QH (W/m 2) and QS (kg/m 2 /s) are the
downward mass,heat and salt °uxes respectively. The value
of this expressioncan be signi¯can tly di®erent from the ac-
tual change in buoyancy if, for instance, mass°uxes are not
exchanged, or the freshwater °ux is converted to an equiva-
lent salt °ux. In line with our comments concerning energy
°uxes, we feel that it is appropriate to use the real forcing,
rather than the approximate value set by the simpli¯cations
in any model component.
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Notes

1. The freezing point of salt water is an almost linear function of
salinit y S,

Tf (S) = ¡ :0575S ¡ 0:0002154996S2 + 0:001710523S3=2

[Fofono® and Mil lard, 1983]. It greatly simpli¯es some of the
ice thermo dynamic calculations if this is assumed to actually
be linear (the di®erencefrom the more complicated dependence
is small). There is a substantial pressure dependence though,
and this can be an imp ortan t factor in the sub-surface ocean
Tf (S; P ) = Tf (S) ¡ 7:53 £ 10¡ 8P (P is the gauge pressure in
Pa).
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